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Abstract
In this chapter, we describe that recent progress of our study of Precambrian geology and
geochemistry, and present a synthetic view of the evolution of the solid earth including
mantle dynamics and surface geology and environment. The recognition of an accretionary
complex and oceanic plate stratigraphy in the 3.8 Ga Isua Supracrustal belt clearly indicates
the presence of open sea and the operation of plate tectonics in the early Archean. The
change of PT paths of subduction-related metamorphism through time shows that a hotter
geothermal gradient at the subduction zone more frequently caused slab melting in the
Precambrian, and that the transformation of basaltic crust to a heavy residue after slab
melting was a driving force of Precambrian-type plate tectonics. We estimated that the
potential mantle temperature of the upper mantle was about 1480◦C in the Archean and
was hotter by ca. 150–200◦C than the modern mantle based on composition of 3.8 to 1.9 Ga
MORB-related greenstones. The temperature decreased not monotonously but episodically.
The high temperature increased its Rayleigh number by about 30 times, and decreased its
viscosity by about one-third, but it complementarily raised the amount of accumulated slab
material in the mantle transition zone to trigger off their frequent flushing to the lower
mantle. The estimated FeO content of the Archean upper mantle was higher, ca. 10 wt% ,
and was constant until the early Proterozoic, and then it decreased. Segregation of iron grains
from subducted oceanic crust during slab penetration into the lower mantle is a plausible
mechanism to decrease the FeO content in the mantle. The growth curve of the continental
crust obtained from U-Pb ages of detrital zircons indicates the sudden increase at 2.8–2.7
and 2.0–1.7 Ga. The sudden growth of continents, the worldwide presence of LIPs and many
continental collisions at those times imply mantle overturn or extensive exchange between
the upper and lower mantle materials, caused by successive upwelling and dowelling of
giant superplumes. The mantle overturn events influenced both the surface environment
and solid earth. The segregation of iron grains produced ferric iron as a by-product to
make the mantle oxidized. In addition, the upwelling of the lower mantle materials through
superplumes to the upper mantle increased the Fe3+/

∑
Fe in the upper mantle to oxidize

it. The change of redox condition of influx gases from reduced to oxidized weakened the
suppression by reduced gases against biological oxygenation of the surface environment,
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and consequently the surface environment became oxic in the early Proterozoic after a
mantle overturn. Moreover, the formation of large continents before and their break-up
after the mantle overturn, produced wide habitats for photosynthetic lives, and helped
biological oxidation at the surface.

1 INITIATION OF PLATE TECTONICS AND THE DRIVING FORCE

1.1 Geological evidence for initiation of plate tectonics in the Early Archean

Immediately after the establishment of plate tectonics in the early 1970s, Dewey and
Spall (1975) proposed another question: “when did the operation of modern-style
plate tectonics began on the Earth?” In those days, there were two opposing schools
of thought. First, there was the view that the plate tectonic regime begin at the earliest
stage of the evolving earth as suggested by the geochemistry of greenstones (Hart
et al., 1970; Condie, 1972, 1982), geophysical considerations (Bickle, 1978; Arndt,
1983; Nisbet and Fowler, 1983) and the geological similarities with Phanerozoic oro-
genic belts (Burke et al., 1976). The other school suggested that the tectonic regime
was typified by vertical movement-dominated orogenies until the late Proterozoic
(Wynne-Edwards, 1976; Kröner, 1977, 1981; Piper, 1982). The latter school listed
the following features disfavoring the concept of plate tectonics in the Archean:
absence of (1) ophiolites, (2) Franciscan-type mélange, and (3) blueschists, all of
which characterize divergent or consuming plate boundary processes in the modern
Earth. Although an Archean ophiolite was recently reported (Kusky et al., 2001), the
counterargument is still raised up (Hamilton, 2003; Stern, 2005). Although geolog-
ical evidence for plate tectonics and accretion of oceanic crust has been reported in
some Archean terrains (Kusky, 1989; Hoffman, 1991; Calvert et al., 1995), defini-
tive criteria are still ambiguous (Bickle et al., 1994; Kusky and Winsky, 1995).
Plate tectonics requires two necessary factors; rigidity of lithosphere, and its lateral
movement. Komiya and others (1999) proposed criteria for the accretion of oceanic
materials to continental lithosphere and the operation of plate tectonics. They com-
prise the formation of an accretionary complex, oceanic plate stratigraphy in an open
sea, evidence for subduction, lateral movement from ridge to trench, and rigidity of
an oceanic plate.

The Isua supracrustal belt lies approximately 150 km northeast of Nuuk, Green-
land (Fig. 1). It is located in the northeastern part of the Akulleq terrane, which
is composed of 3880–3660 Ma Amîtsoq gneiss, and 2820 Ma Ikkattoq gneiss. The
former contains enclaves of early Archean supracrustal rocks (Akilia association),
whereas the latter contains other enclaves of late Archean supracrustal rocks (Malene
supracrustals) and anorthosite complex (McGregor, 1993; Nutman et al., 1996). The
Isua belt is, at present, exposed as a fault-bounded tectonic slice, and is in tec-
tonic contact with the tonalitic Amîtsoq orthogneiss on both sides (McGregor, 1973;
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Figure 1. Geologic map of the NE part of the Isua supracrustal belt. The inset is a geotectonic map of
southern West Greenland, simplified after McGregor et al. (1991). Three terranes, Akia (gray), Tasiusar-
suaq (gray with horizontal bars), and Akulleq are shown. Akulleq terrane is composed of Ikkattoq gneiss
(dark gray with white bars), Amîtsoq gneiss (stippled), and supracrustal rocks (black). Post-collision
Qôrqut granite (cross) intrudes mainly Akulleq terrane. The Isua supracrustal belt is located in the
northeastern corner.



190 Tsuyoshi Komiya

Figure 2. The older basaltic pillow lavas in the Isua supracrustal belt. Some basalts preserve original
pillow lava structures in this figure. Each pillow consists of core (gray), mantle (darker gray), rim (white)
and matrix (composite from white and dark gray materials).

Bridgwater et al., 1974), but was originally formed as an enclave in the Amîtsoq
gneiss. The Isua belt comprises five Early Archean major lithologic units: (1) a
mafic-felsic turbidite sequence, including minor interbedded conglomerate, (2) chert
and banded iron-formation, (3) pillow lava (Fig. 2), massive lava, pillow breccia, and
hyaloclastite, (4) dolerite-gabbro intrusives related to (3), and (5) ultramafic rocks,
plus mid-Archean and early Proterozoic intrusions (Fig. 1). The area is subdivided
into three units, Northern, Middle, and Southern, by structural breaks defined by
low-angle thrusts. The lower half of the Northern Unit is a highly disrupted mélange
(Type II, Cowan, 1985), with blocks of greenstone and chert. More than 37 angular to
subrounded blocks of greenstone are randomly embedded in a highly sheared muddy
matrix, together with several blocks of chert with or without BIF. The upper half is
composed of more than four subunits bounded by layer-parallel thrusts. Each subunit
is composed of pillow lava or sheet flow greenstone at the bottom, overlain by layered
chert/BIF. BIF layers occur at the bottom of the sedimentary sequence, whereas white
chert becomes more abundant through the transition of white/blue chert in the upper
part. The Middle Unit is mainly composed of dominant NS-trending chert layers,
and contains mafic turbidite sequence associated with felsic sandstone, mudstone,
calcareous sandy shale, and minor conglomerate near the southern margin.

The Southern Unit displays very clear geological evidence that the Isua supracrustal
belt originated from an accretionary complex. It is composed of ultramafic rocks, a
basaltic lava flow sequence of massive and pillow lava (Maruyama et al., 1991a) and
hyaloclastite, and a sedimentary sequence of pelagic chert and BIF, and terrigenous
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turbidite and conglomerate. Cherts and associated sediments form several belts bound
by layer-parallel faults, converging in some cases and diverging in others (Fig. 1).
Duplex structures are on scales of meters to a few km. At least eight major subunits
with horses are defined by the layer-subparallel faults. We reconstructed the origi-
nal lithostratigraphy within each horse by removing folds and/or thrusts, based on
detailed sketches of the outcrops. The reconstructed lithostratigraphies within horses
are simple and mutually similar, each consisting of pillow basalt, chert, and turbidite
in ascending order (Fig. 3). Major tectonic breaks separating horses on both sides are
commonly layer-parallel faults.

The stratigraphic top within each horse always faces southeastward, except in a
few strongly folded areas. Petrographic examination of chert indicates that no conti-
nental or arc materials occur within the chert beds and underlying pillow lava flows.
Detrital materials start to appear in thin laminated chert beds after the end of the
major chert deposition, and become common in the turbidite layers. The sequential
change of sedimentary lithology, from chert to turbidite, is common to all horses. The
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Figure 3. Lithostratigraphies of Duplexes I to VIII. Each lithostratigraphic unit is composed of metabasite,
chert, muddy chert and mafic sediment, in ascending order. The metabasite consists of a pile of pillowed
basalts with massive basaltic flows and hyaloclastites. A reworked hyaloclastite with rough surfaces and
numerous metamorphic garnet megaporphyroblasts occurs at the top. Mafic sediment with graded bedding
covers the chert at the top. Muddy chert occurs as a transitional sediment between the chert and the mafic
sediment. The reconstructed lithologies are comparable to the Phanerozoic oceanic plate stratigraphy
in Japan.
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reconstructed lithostratigraphy is remarkably similar to oceanic plate stratigraphy of
circum-Pacific accretionary complexes (Isozaki et al., 1990; Matsuda and Isozaki,
1991; Wakita and Metcalfe, 2005). The presence of duplexes indicates the geological
structure was formed by layer-parallel shortening, whereas evidence of oceanic plate
stratigraphy means lateral movement from pelagic ridge to continental margin. The
lines of evidence indicate that the Isua supracrustal belt is the oldest accretionary
complex. Komiya and others (1999) demonstrated that in the Southern Unit, and
possibly in the whole Isua supracrustal belt, an accretionary complex formed through
accretion of oceanic crust to the hangingwall, by duplexing. A sequence of duplexing
scenarios can be reconstructed as follows. The structural bottom is Duplex I, and the
top is Duplex VIII, as judged by the southward polarity of duplexing. The younger
horses develop downward; therefore, the oldest duplex is VIII. Accretion proceeded
from Duplex VIII to I with time. Within a given Duplex, the southeastern horse is the
oldest. The similar lithostratigraphy within each horse suggests that the oceanic crust
segments subducted in the same area and period. The mode of formation of the duplex
structure throws light on the direction of the growth of the accretionary prism and
the subduction of oceanic lithosphere. The duplex polarity is defined by the direction
of convergence of faults, which divide horses, and coincides with plate convergence.
The southward convergent morphology of the duplex structure is widespread over the
mapped area, indicating that the Isua accretionary prism grew from south to north.
A paleogeographic reconstruction is shown in Figure 4 to illustrate the sequential
events of the accretionary prisms in the Southern Unit at about 3700–3800 Ma
(Komiya et al., 1999). Geologic records preserved within turbidite sediments also
provide strong constraints on the type of active plate margin. If they were formed
along a large continental margin, they would be dominantly quartzofeldspathic. If they
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were formed in intra-oceanic environments, such as the present-day western Pacific
domains, they would be dominantly mafic in composition. The sedimentary petrol-
ogy of the turbidite sequences clearly indicates that the Isua accretionary complex
was formed in the latter environment, because mafic sediments are dominant in the
turbidite sequences. In theArchean, most orogenic belts were formed in intra-oceanic
island arcs, and then grew progressively through the collision-amalgamation process.

Evidence of accretion of oceanic materials at subduction zone indicates succes-
sive underthrusting of oceanic crust. This suggests that a kind of tectonics similar to
the Phanerozoic plate tectonics operated in the Early Archean, but it does not nec-
essarily prove that modern-style plate tectonics were in operation in a strict sense.
Evidence of the operation of modern-style plate tectonics on Earth includes: (i) rigid
plates, (ii) significant lateral movement of the plate, (iii) multiple plates surrounded
by plate boundaries, and (iv) linearity of plate boundaries. However, evidence of (i)
and (ii) are necessary and sufficient to identify the existence of modern-style plate
tectonics, because horizontal passive movement of rigid plates results in the pres-
ence of multiple plates (iii) and in linearity of plate boundaries (iv) (Oldenburg and
Brune, 1972; Turcotte and Schubert, 1982). In other words, the rigidity of an oceanic
plate is also necessary to discern whether modern-style plate tectonics or a hybrid of
plume and plate tectonics operated (Head and Crumpler, 1990). A comparison with
tectonics on Venus provides some perspective because Archean tectonics on Earth
has been widely regarded as similar to modern Venusian tectonics. Pillowed basalt
at the bottom of the oceanic plate stratigraphy preserved in the Isua supracrustal belt
indicates that sea water was present and that open sea extended far from any oceanic
island arc. Numerical simulations of temperature and composition of ocean and atmo-
sphere demonstrated that formation of a proto-ocean decreases atmospheric pressure
to ca. 10 atm and the surface temperature to ca. 20◦C (Tajika and Matsui, 1990). These
relations support the idea that the surface temperature was cooled down to less than
100◦C in the Early Archean. Knowledge of the composition and thickness of oceanic
crust, and the temperatures of the mantle and Earth’s surface allows us to reconstruct
the structure of an oceanic plate (Fig. 5). Geotherms of oceanic lithosphere as a func-
tion of age were calculated based on a model of transient half-space cooling (Turcotte
and Schubert, 1982) at given parameters of temperature of the mantle and surface,
1450 and 100◦C, 1330 and 0◦C and 1450 and 470◦C for the earlyArchean and present
Earth and Venus, respectively. In addition, transitions of ductile/brittle deformations
of peridotite and diabase are calculated as a function of temperature and pressure
for a given steady-state strain rate of a representative tectonic strain rate, 10−14 s−1

(after Hoffman and Ranalli, 1988). The rheological structure of oceanic lithosphere
as a function of age were estimated from oceanic geotherms and the ductile/brittle
transitions (Fig. 5 b–d), and indicate that an oceanic plate older than 20 m.y. behaves
rigidly even in the Early Archean (Fig. 5c right). The evidence suggests that oceanic
plates in the Early Archean were rigid, in contrast to the substantial ductile surface of
Venus (Fig. 5d). In summary, there is evidence for (i) rigid plates, (ii) significant lat-
eral movements and (iii) subduction of plates in the Early Archean Isua accretionary
complex. The evidence proves that modern-style plate tectonics has been in operation
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Figure 6. A speculative cartoon showing 3.8 Ga planet Earth and its satellite Moon. Plate tectonics had
already started but there was no solid inner core. Double-layered mantle convection with episodic leakage
between the upper and lower mantle boundary was predominant. There were no large continents and a
number of intra-oceanic island arcs, and abundant off-ridge volcanism related to mantle upwellings. The
satellite, Moon, was active only by heavy extra-terrestrial bombardments and related Mare volcanism.

since the Early Archean, and quite different from the Earth’s satellite, Moon, which
was resurfaced by heavy extraterrestrial bombardment and by related Mare volcanism
(Fig. 6).

1.2 Precambrian-type and Phanerozoic-type plate tectonics and the driving
force of Precambrian-type plate tectonics

Application of accretionary geology concepts to Archean greenstone belts has
revealed that modern-style plate tectonics were already in operation in the Early
Archean. However, geophysical calculations of the relationship between the tem-
perature of the mantle and the density of an oceanic plate contradict the geological
evidence for the operation of plate tectonics in the EarlyArchean, because anArchean
thin (∼40 km) oceanic plate capped by a thick (∼20 km) oceanic crust may have been
lighter than the asthenospheric mantle (Davies, 1992). In the Phanerozoic, oceanic
lithosphere is heavier than asthenosphere because of a negligibly thin oceanic crust
(Kono and Yoshii, 1975). Therefore, even if the basaltic crust does not transform
into eclogite during subduction, the oceanic lithosphere can subduct into the mantle



196 Tsuyoshi Komiya

due to its negative buoyancy. However, in the Archean, Davies (1992) suggested that
oceanic lithosphere could not subduct directly into the asthenosphere because it was
lighter than the asthenosphere. Therefore, Another driving force would be required
for subduction of the oceanic lithosphere into the mantle in the Archean.

Grambling (1981) postulated a secular variation of metamorphic facies series from
a compilation of Archean metamorphic data. However, determination of the tectonic
setting of metamorphism is essential for investigation of secular change, because the
metamorphic facies series strongly depends on the tectonic setting of the metamor-
phism (Miyashiro, 1973). Recently, the secular change of PT paths of a subducted slab
was estimated from a petrological study of the oldest progressive regional metamor-
phism of the Isua supracrustal belt (Hayashi et al., 2000; Komiya et al., 2002a) and
from a compilation of subduction-related metamorphisms (Maruyama et al., 1996;
Hayashi et al., 2000). This work was based on a mineralogical and petrological study
of metabasites and metapelites affected by Archean progressive metamorphism from
the Isua belt, West Greenland, and it proposed a driving force for Archean plate
tectonics.

The area of the Isua supracrustal belt is divided into four metamorphic zones
based on mineral assemblages and microprobe analyses of coexisting minerals in
metabasites and metapelites. Especially we selected mineral assemblages in mod-
erately magnesian metabasites, where chlorite is 50–60 in Mg# (Fig. 7a), because
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the composition of calcic amphiboles strongly depends on the whole rock composi-
tion (Hayashi et al., 2000). Zone A is defined by the Gs-facies mineral assemblage,
Chl + Ep + Ab + Qz, and Zone B by the appearance of Ca-amphiboles, either Act
and/or Hbl, together with Ab and/or oligoclase; the mineral assemblage is Chl +
Ep + two Ca-amphiboles + peristeritic Pl + Qz, that shows the transition between
Gs and Amp facies. Zone C is defined by the appearance of calcic plagioclase, the
appearance of a single amphibole of hornblende composition in magnesian samples,
and the appearance of Grt coexisting with Hbl in iron-rich samples. The diagnos-
tic mineral assemblage in metabasites is Chl + Ep ± Act + Hbl + Pl + Qz. Zone
D is defined by disappearance of two Ca-amphiboles-bearing samples, concomitant
with a high anorthite (An) content of plagioclase and a single Ca-amphibole of horn-
blende composition in moderately magnesian samples; the mineral assemblage is
Chl + Ep + Hbl + calcic Pl + Qz. High magnesian rocks contain two amphiboles,
cummingtonite (Cum) and Hbl.

About 120 samples have mineral assemblages of typical pelitic systems, and most
have mineral assemblages of either Chl + Bt or Grt + Bt, together with Ms and Qz.
However, some samples have diagnostic mineral assemblages that enable estimates
of metamorphic temperatures and pressures (Komiya et al., 2002a). In Zone A Grt is
absent and Chl and Bt are present together with phengite (Phn) and Qz. Grt becomes
stable in the northeastern side of Zone B. The mineral parageneses of Chl + Grt or
Chl + Bt + Grt are found in some metapelitic rocks, indicating the stable coexistence
of Grt and Chl. In Zone C Cld and St occur in aluminous samples together with Grt,
Chl, Qz, and Phn. Although the mineral assemblage of other Zone C rocks is the same
as that in Zone B, Fe/(Fe + Mg) ratios of the coexisting minerals are much higher
than those in Zone B. In Zone D there are two types of mineral paragenesis: most
samples contain the same mineral assemblage of Grt + Chl + Bt as in Zone C, but
the distinctive parageneses of Ky + St + Bt, Ky + Chl + Bt or St + Grt + Bt and
Ky + Grt + Bt or Ky + Chl + Bt occur on the southern side of the Zone (Fig. 7b).
In summary, five reactions are expected in the phase diagram of the KFMAS + MnO
system (Symmes and Ferry, 1992; Spear, 1993), Chl1 = Grt + Chl2 (ca. 440◦C),
Chl + Grt + Ky = Cld (ca. 530◦C), Cld = St + Grt + Chl + H2O (ca. 560◦C),
Grt+Chl = St+Bt+H2O (ca. 610◦C), and St+Chl = Ky+Bt+H2O (ca. 620◦C)
(Komiya et al., 2002a). The PT path of the metamorphism was estimated to be in
the intermediate-P/T type metamorphic facies series (Fig. 8). The metamorphism is
subduction-related, and was caused by late Archean collision-amalgamation of the
Akia and Akulleq terranes (e.g., McGregor et al., 1991), or early Archean subduction
of oceanic lithosphere. All Archean metamorphic terrains worldwide belong to the
intermediate- or low-P/T type metamorphic series (Fig. 8).

The age of a subducting plate has a significant control on the geotherm (e.g.,
Defant and Drummond, 1990; Peacock, 1996). Comparison of P-T estimates of
Archean metamorphism with Phanerozoic subduction metamorphism indicates that
the geothermal gradient of Archean subduction zones was over 200◦C higher than in
the Phanerozoic (Fig. 8). The Phanerozoic geotherm ranges from low to high P/T-
type, depending on the age of the subducted slab, but the Archean geotherm does not
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Figure 8. Phase relations of hydrated MORB, modified after Okamoto and Maruyama (1999), and the
residual mineral assemblage (shaded region) after partial melting of hydrous Archean basalt (Rapp and
Watson, 1995; Vielzeuf and Schmidt, 2001). Also shown are geothermal gradients of Phanerozoic colli-
sional UHP-HP metamorphic belts (Maruyama et al., 1996) and Archean subduction zone metamorphism
of the Isua supracrustal belt, accompanied by a recent compilation of P-T estimates of Archean metamor-
phic belts (Hayashi et al., 2000). Hayashi and others (2000) classified 111 Archean metamorphic terranes
into belt, area and composite belts, dependent on the shape. ManyArchean metamorphic terrains cannot be
simply classified as either “belt” or “area”. Among 111 Archean terrains, they identified 20 metamorphic
“belts” and 18 “metamorphic areas”. The rest of them remain unclassified.

extend to the high P/T side, ranging from low to intermediate P/T-type (Fig. 8). The
following three candidates can be considered as a heat source for subduction zone
metamorphism with a high geothermal gradient; (1) the overlying mantle wedge and
continental crust, (2) the mantle below the oceanic lithosphere and (3) the remain-
ing heat of MORB-formation within the lithosphere. We have calculated the thermal
structure of oceanic lithosphere, in order to verify whether the remaining heat of
MORB formation within the lithosphere is possible as a heat source for Archean



Material circulation through time 199

subduction metamorphism with a high geothermal gradient. The minimum tempera-
ture at the base of subducting oceanic crust can be calculated, based on the transient
half-space cooling model and diffusivity of 1 mm2 s−1. In the Phanerozoic, the tem-
perature at the base of a 7-km thick oceanic crust falls below the solidus temperature
of hydrated basalt only in 3-m.y after formation at given temperatures of the mantle
(1330◦C). However, in the case of Archean oceanic lithosphere with a 20 km thick
oceanic crust, the temperature at the base of that crust is still higher than the wet
solidus even after 15 m.y. at given temperatures of the mantle (1450◦C). This calcu-
lation indicates that the remaining heat of MORB formation within the lithosphere is
a probable heat source forArchean metamorphism with a high geotherm, and even for
slab melting.

Although the Isua metamorphism did not reach melting conditions, the simple
extension of the P-T path to the higher grades into the melting field in Figure 8
indicates that the hydrated oceanic crust would have been partially melted to pro-
duce granitic magma (the protolith of Amîtsoq gneiss). Namely, in the Archean,
when the thickness of continental and older oceanic lithosphere combined exceeded
ca. 30 km, the high geothermal gradient at the subduction zone led to melting of
hydrated oceanic crust to form the tonalite-trondhjemite-granodiorite suite (TTG)
(Martin, 1986; Defant and Drummond, 1990) and a denser garnet-bearing residue,
such as high-pressure granulite (HGR) and garnet-clinopyroxenite. The calculated
densities of basaltic crust, garnet-clinopyroxenite, HGR, and lithospheric and ambi-
ent mantle are shown in Figure 9a. The calculation indicates that the average density
of lithosphere increases from 3.22 to 3.46 for the oceanic lithosphere with garnet-
clinopyroxenite or 3.42 for HGR after slab melting, and that the slab can subduct
to mantle depth by the increase of slab-pull force due to TTG melt extraction
(Fig. 9a). The calculation suggests that the transformation of basaltic crust to garnet-
clinopyroxenite or HGR was a driving force for Archean plate tectonics. There are
some differences between plate tectonics in the Archean and at present (Fig. 9). They
are (1) thickness of oceanic lithosphere, (2) thickness of the accompanied oceanic
crust, (3) average life span of oceanic lithosphere, and (4) the cause of slab-pull
(Komiya et al., 2002a). In the Phanerozoic, slab-pull is effective immediately after
the birth of oceanic lithosphere, whereas in the Archean slab-pull was achievable
only after slab melting. A ratio of the oceanic crust over thickness of the lithosphere
of ca. 0.75 is the critical number determining whether slab-pull is effective even
just after the birth at a ridge. Geophysical calculation of mantle temperature sug-
gests that the ratio attained the critical value at ca. 1 Ga (Davies, 1992). In addition,
compilation of modern and ancient ophiolites also supports the idea that thickness
of oceanic crust decreased from ca. 12 to 5 km around 1 Ga (Moores, 1993). This
evidence possibly indicates that Phanerozoic-type oceanic lithosphere with a slab-
pull force from its birth began to be formed at ca. 1 Ga. In addition, blueschists
did not form over the world before the late Proterozoic (Maruyama et al., 1996).
The presence of blueschists indicates that the geothermal gradient decreased at sub-
duction zones, and that old oceanic plates began to subduct at that time. This line
of evidence and reasoning suggests that plate tectonics switched from a first-stage
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Figure 9. Schematic illustration of subduction zones, showing contrasting tectonic modes of subducting
lithosphere. (a) Low-angle subduction of young oceanic lithosphere results in slab melting, supplying felsic
magma through the very small volume of mantle wedge to the continent (Precambrian-type). Calculated
density profile of Archean oceanic lithosphere indicates formation of highly dense garnet-bearing residues
after TTG melt extraction become the slab-pull force. (b) Angle of subduction depends on age of oceanic
plate. High-angle subduction of old oceanic lithosphere supplies dehydration fluids to the hanging wall of
the mantle wedge (Phanerozoic-type).

with slab melting (Precambrian-type) to a second-stage with/without slab melting (the
Phanerozoic-type) in the late Proterozoic. In response to the initiation of Phanerozoic-
type plate tectonics, mantle wedges increased in volume by the change from flat- to
high-angle subduction, and simultaneously came to be metasomatized by H2O-rich
fluids (Fig. 9b).
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2 EVOLUTION OF THE MANTLE THROUGH TIME

It is well-known that the Earth has undergone some major processes since its for-
mation; formation of metallic core, degassing, extraction of continental crust, and
differentiation of the silicate mantle. Therefore, it is also necessary to decode the
complex events in the Earth’s long-term evolution for an investigation of the present-
day chemical and physical states of the mantle and continental crust. Working models
of present-day mantle dynamics were proposed in the early 1980s after accumulation
of geochemical data of mantle-derived rocks and continental crust including Sr and
Nd isotopic geochemistry (e.g., Allègre, 1982). In the mid-1980s, the compositional
diversity of the mantle was compiled from the compositions of oceanic basalts and
continental crust in terms of chemical geodynamics (Zindler and Hart, 1986). In the
1990s mantle tomographies displayed material circulation within the mantle (e.g.,
Fukao et al., 1992). The combination of geochemical dynamics, mantle tomography
and surface geology contributed to establishment of the concept of plume tectonics
beyond plate tectonics, and large-scale views of the present mantle (Maruyama, 1994).
This section presents our recent studies of the compositional and thermal evolution
of the mantle which were the main controls on the evolution of mantle dynamics and
surface tectonics through time.

It is important to unravel the evolution of the mantle for an investigation of the geo-
dynamic evolution of the earth because the mantle occupies about 80% of the volume
of the whole earth. However, the isotopic evolution of the Earth has been relatively
well studied (e.g., Allègre et al., 1980; Galer and Goldstein, 1991; McCulloch and
Bennett, 1994), but the thermal evolution of the Earth has not been so well investi-
gated, except for some computational calculations (e.g., Richter, 1985; Davies, 1992;
Ogawa, 1997). It was widely accepted in the pre-1970s that the Earth has evolved
in an almost steady thermal state, because it was thought that the rate of heat loss
from the earth would be similar to the rate of heat production in a chondritic earth
(Urey, 1956; Birch, 1958; Tozer, 1965). However, in the 1980s, revised estimates,
incorporating correction of the heat loss from oceanic regions, indicated that the heat
loss from the Earth is about 30% higher than steady state heat flow from a chon-
dritic earth (Davies, 1980; Pollack, 1980; Sclater et al., 1980). Much geological
evidence was also reported for and against the steady state thermal evolution of the
Earth. The evidence includes (1) the correspondence of the geothermal gradient of the
Archean-aged continental lithosphere to that of Phanerozoic continents (Burke and
Kidd, 1978), (2) similarity of the metamorphic facies series between Archean and
younger rocks (Windley, 1976; Watson, 1978), (3) the similar height of the moun-
tains in the Archean and at present (England and Bickle, 1984), and (4) presence of
the Archean-aged diamonds in kimberlites (Richardson et al., 1984). The counterevi-
dence is the eruption of extremely high temperature magmas of ultramafic komatiitic
composition (Green et al., 1975). In the 1990s computer simulations suggested the
presence of instability in mantle convection at theArchean-Proterozoic transition, and
an episodic or intermittent cooling model of the mantle was highlighted (e.g., Breuer
and Spohn, 1995; Davies, 1995). The episodic whole mantle convection model was
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also supported by some geological evidence; compilation of U/Pb zircon ages of
juvenile continental crust (Condie, 1998, 2000) and of detrital zircons (Rino et al.,
2004), secular change of Nd isotopes of greenstones (McCulloch and Bennett, 1994),
and geochemistry of different-aged magmas including Nd isotopes, trace elements,
rare gas and Pb isotopes (Stein and Hofmann, 1994).

2.1 The secular change of the potential temperature and composition of the
MORB source mantle

In the 1990s the potential mantle temperature of the Archean mantle was estimated
from the composition of peridotitic komatiites and was higher by 600◦C than that
of modern MORB (e.g., Takahashi, 1990; Nisbet et al., 1993). However, it is now
widely accepted that komatiite was not produced from normal upper mantle, but
from plume source mantle or highly wet mantle (e.g., Takahashi and Scarfe, 1985;
Campbell et al., 1989; Inoue and Sawamoto, 1992; Parman et al., 1997). Therefore,
the potential mantle temperature estimated from the komatiite magma does not repre-
sent that of normal upper mantle in the Archean. Abbott and others (1994) estimated
the secular variation of the temperature of the upper mantle from the composition of
greenstones, and found that the mid-Archean upper mantle was about 250◦C higher
than the modern upper mantle. But, the estimate may not directly refer to the secular
change of the normal upper mantle because they used all of the greenstones, which
were derived from mid-oceanic ridges, back-arc basins, primitive island arcs and
hotspots. Therefore, it is necessary to determine the tectonic setting of mafic vol-
canism, because it is well-known that the composition of mafic magmas is strongly
dependent on tectonic setting. Many recent investigations of the Phanerozoic circum-
Pacific greenstone belts reported a close correlation between the tectonic settings of
greenstones defined by chemical discrimination diagrams and the field occurrence of
the greenstones. For example, Ueda and others (2000) reported that both MORB and
OIB affinity-greenstones occur in a Jurassic to Cretaceous accretionary complex of
central Hokkaido in Japan, based on whole-rock compositions including high field
strength elements (HFSE), rare earth elements (REE), textures, mineral assemblages
and the composition of relict igneous minerals and pseudomorphs of magmatic phe-
nocrysts. Moreover, the MORB-affinity greenstones are covered by thick chert-clastic
successions, whereas the OIB-affinity greenstones are intercalated with thin-bedded
chert and limestone, or occur as a thick slab or block together with chert and limestone
blocks in a black mudstone matrix (Ueda et al., 2000). A detailed review of the occur-
rence of greenstones in other Phanerozoic accretionary complexes was reported by
Isozaki et al. (1990). Maruyama and colleagues worked out determination of the tec-
tonic setting of greenstones in the 3.8 Ga Isua supracrustal belt (Komiya et al., 1999),
the 3.5 Ga North Pole area (Maruyama et al., 1991b) and the 3.3 Ga Cleaverville area
(Ohta et al., 1996) by comparing them with Phanerozoic greenstone belts. Another
inherent problem in geochemical investigations of Archean greenstones is the effect
of alteration on original rock compositions. To overcome this problem, it is necessary
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to recognize the geochemical effects of such alteration processes as seawater inter-
action or regional metamorphism prior to any petrographic interpretations as well as
to compare the whole rock chemistry with the composition of relict igneous minerals
(Komiya et al., 2002c; Komiya et al., 2004).

Figure 10 shows the thermal and compositional evolution of the mantle, estimated
by comparing mafic magmas of five different ages with recent melting experiments
and multiple saturation experiments of 3.5 Ga MORB from Pilbara (Komiya, 2004).
The potential temperature of the source mantles was estimated to be 1480 ± 100
for 3.8 Ga, 1490 ± 70 for 3.5 Ga, 1410 ± 90 for 3.3 Ga, 1500–1566 for 2.5 Ga, and
1470–1500◦C for 1.9 Ga mantle and the FeO contents were about 10 wt% . Firstly, the
Archean upper mantle potential temperature was only about 100–200◦C hotter than
the modern equivalent mantle. The estimated temperature is much lower than previous
estimates of 1900◦C, because they used the composition of peridotitic komatiite for
the calculations (Takahashi, 1990; Nisbet et al., 1993). Secondly, the secular variation
of the potential mantle temperature of the upper mantle implies that the temperature
of the upper mantle has not decreased monotonously but episodically or variably.
Although the estimate still has a large error, the potential mantle temperature remained
constant from 3.8 to 2.5 Ga, at about 150◦C higher than the modern. Moreover,
the potential mantle temperature appears to have been lower at 3.3 Ga, whereas it
was higher at 2.5 Ga. The thermal variation is possibly consistent with the wide
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the upper mantle, along with potential mantle temperature of a plume source (light gray line, Takahashi,
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distribution of continental crust (Condie, 1998) and of komatiite rocks (Arndt and
Nisbet, 1982) at 2.7 Ga. A steady state of potential mantle temperature through the
Archean may be because the hotter lower mantle materials were injected episodically
or continuously into the upper mantle. Stein and Hofmann (1994) suggested that
the lower mantle material episodically penetrated into the upper mantle because the
εNd value of the upper mantle is maintained between primitive and depleted mantle
values. In addition, mantle overturn and episodic whole mantle convection is the
mechanism suggested by computer simulations (Breuer and Spohn, 1995; Davies,
1995). Although further investigation will be required for the quantification of mantle
overturn and the accompanied rejuvenation of the upper mantle, the constancy of
potential mantle temperature of the upper mantle also implies episodic whole mantle
convection.

2.2 Material circulation model including chemical differentiation and
thermal and compositional evolution of the mantle

It has long been thought that the Archean mantle underwent double-layered convec-
tion because of the high Rayleigh numbers due to high temperature. In the Archean
when the potential mantle temperature was higher by at least 150◦C, the viscosity
of the mantle became about one-third compared with that of the modern mantle. As
a result, the Rayleigh number was about 30 times higher than at present based on
the relationship between viscosity and temperature (Honda, 1995). A high Rayleigh
number is more compatible with double-layered mantle convection than whole man-
tle convection (Yuen et al., 1994). In addition, the difference between the depth of
phase changes of the subducted basalt and the ambient mantle increases in the hotter
mantle (Fig. 11). The combination of these factors suggests that it was more difficult
for slab materials to fall down to the lower mantle, and that double-layered mantle
convection was preferred rather than whole mantle convection in the Archean. How-
ever, whole mantle convection with periodic penetration of subducted materials into
the lower mantle is considered to be dominant at present (Fukao et al., 1992), and the
mode of the mantle convection is not only controlled by the temperature of the mantle
but also by the fate of the accumulated slab. In other words, periodic collapse of an
accumulated slab down to the lower mantle causes whole mantle convection (e.g.,
Maruyama, 1994). Therefore, we can consider whether the intermittent penetration
of slab materials into the lower mantle occurred even in the Archean. A higher tem-
perature of mantle in the Archean led to increase of the depth and volume of melting,
and thus to a thicker oceanic crust, ca. 15–20 km. On the other hand, the hotter mantle
resulted in small plates, and consequently the life-span of oceanic plates was shorter,
in order to enable efficient release of the heat flux (Hargraves, 1986; de Wit and
Hart, 1993). If the temperature of the mantle were higher by 150◦C, about 15 m.y.
and 30 km are estimated for the life-span and thickness of the oceanic lithosphere,
respectively (Hargraves, 1986; Komiya et al., 1999). Generally speaking, subducted
oceanic crust could not penetrate directly into the lower mantle, because basaltic
materials change into high-pressure phases at depths of about 40 km greater than the
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ambient peridotite (Hirose et al., 1999). Figure 11 shows the phase relations of KLB-1
in 0–30 GPa, and 1200–2600◦C (modified after Herzberg and Zhang, 1996). The P-T
paths of the mantle with three different potential mantle temperatures are also drawn:
1330◦C (modern upper mantle), 1450◦C (the Archean upper mantle) and 1700◦C
(Archean plume source mantle). The P-T condition of phase change from majorite
(Mj)- to perovskite (Pv)-bearing oceanic crust is also shown based on experimental
data of Hirose et al. (1999). Although the depth of the upper-lower mantle boundary
(ULB) decreases with the potential temperature of the mantle, the difference of poten-
tial mantle temperature by 150◦C plays an insignificant role on the depth of ULB,
by only ca. 7 km (Fig. 11). The high potential mantle temperature of plume source
mantle in the Archean promoted upwelling of plumes from the lower mantle (Hirose,
2002), and induced materials in the lower mantle to pass into the upper mantle. By
the way, larger quantities of subducted oceanic crust accumulated on the upper-lower
mantle boundary in the Archean, because the production rate of oceanic plates was
ca. 10 times higher than at present. In particular, significant amounts of subducted



206 Tsuyoshi Komiya

materials built up beneath large continents in the late Archean and early Proterozoic,
analogous to the Eurasian continent at present (Engebretson et al., 1992). Assuming
that isostasy was valid, the base of a megalith starts to sink into the lower mantle
when it grows up to 80 km thick, as estimated from the density contrast between
the ambient mantle and subducted basaltic crust (e.g., Irifune and Ringwood, 1987;
Hirose et al., 1999). A simple calculation based on the thickness of the oceanic crust
and the life-span of the oceanic lithosphere indicates that it took only 100 m.y. for
80-km thick subducted oceanic crust to be stored at the upper-lower mantle boundary
in the Archean. In addition, normative calculations of the residue of hydrated basaltic
crust after the slab melting suggest that it possibly changes into CaPv+Mj+γ-spinel
phases instead of Mj+CaPv+stishovite phases. The residue is heavier than the ambi-
ent mantle because of its high concentration of CaPv. There is another remarkable
difference between mantle geodynamics in the Archean and at present: the tempera-
ture of plume-source mantle. The potential mantle temperature of an Archean plume
source mantle reached about 1700◦C, but that of modern plume source mantle is about
1500◦C. Assuming adiabatic decompression of the plume mantle, the temperature of
the former was about 2100◦C at 23 GPa and the temperature of the latter is 1900◦C.
Instead of Mw+MgPv+CaPv, a field of Mj+Mw+γ-spinel+CaPv is present at the
higher temperature than about 1950◦C at 23 GPa (Fig. 11), and strongly influences
the upwelling of the plume-source mantle (Hirose, 2002). A Clapeyron’s slope of
phase change from Mj + Mw + γ-spinel + CaPv to Mw + MgPv + CaPv is positive,
and results in acceleration of upwelling of superplume from lower mantle. Therefore,
extensive exchange between upper and lower mantle materials possibly took place
in a transition zone from 20 to 24 GPa in the Archean. Seen from the viewpoint of
the material exchange, the Archean mantle comprised three layers of upper mantle,
transition zone, and lower mantle under the high temperature condition. In addition,
if the temperature of the plume-source mantle was higher than 2100◦C at 20 GPa, the
upwellings of the superplume accelerated at the phase change from ß-spinel + Mj to
Mj+Mw+γ-spinel+CaPv, again. As a result, the episodic whole mantle convection
was induced by upwelling of superplume. These facts suggest that episodic whole
mantle convection, caused by the upwellings of the superplume and collapse of cold
subducted materials, operated in the Archean, too.

There may be four plausible mechanisms for the decrease of FeO content through
geologic time: core-pumping (Cohen et al., 1980; Dupré and Allègre, 1980); for-
mation of continental crust (e.g., Allègre, 1982); storage of FeO-rich oceanic crust
within the mantle (Chase and Patchett, 1988); and iron segregation from the sub-
ducted oceanic crust at slab penetration into the lower mantle (this work). However,
the core-pumping model is inconsistent with the constancy of compatible siderophile
elements such as Ni content through time (Arndt, 1991), and with the abundance
of highly chalcophile elements (Newsom et al., 1986). The formation of the conti-
nental crust and the storage of the FeO-enriched oceanic crust decrease all lithophile
elements including Al2O3 and CaO, and are inconsistent with the decrease of only
the FeO content. We will discuss below the model of iron segregation from the
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subducted oceanic crust at slab penetration into the lower mantle. Recent ultra-high-
pressure experiments of natural peridotite and aluminous Mg-perovskite under lower
mantle conditions showed that the iron content in Mg-perovskite increases through
the coupled substitution of Al3+ + Fe3+ = Mg2+ + Si4+ with Al2O3 (Wood and
Rubie, 1996; McCammon, 1997). Moreover, some ferrous ions were transformed
into metallic iron by an electron exchange reaction of 3Fe2+ = Fe + 2Fe3+ accom-
panying the substitution reaction ofAl3+ +Fe3+ = Mg2+ +Si4+ (McCammon et al.,
1997; Frost et al., 2004). The reactions occur during slab penetration into the lower
mantle because the subducted oceanic crust contains high Al2O3 and FeO content.
Especially, in the Archean, the chemical differentiation by the reactions was more
significant because the production rate of oceanic crust in the Archean was higher by
10 times than at present. However, Sun (1984) emphasized that the metallic core has
not grown after the Archean, based on the ratio of siderophile to lithophile elements
such as the P2O5/TiO2 ratio. Although his work compared Precambrian komatiite
and picrite magmas with modern NMORB, comparison between Archean and mod-
ern MORB indicates an obvious secular variation of the P2O5/TiO2 ratio (Komiya,
2004). In addition, Hofmann and others (1986) showed that Ce/Pb ratios of modern
MORB and OIB are higher than those of the primitive mantle. The high ratio of
Ce/Pb of modern MORB and OIB relative to that of the primitive mantle is consis-
tent with the extraction of metallic iron from subducted oceanic lithosphere during
slab penetration, if source mantles of MORB and OIB involve residual materials
after segregation of metallic iron. Therefore, extraction of metallic iron is consistent
with a secular change of incompatible siderophile elements. On the other hand, there
are no obvious secular variations of compatible siderophile elements such as NiO
(e.g., Arndt, 1991). A difference of behavior between compatible and incompatible
siderophile elements can be explained by a difference between the abundance of the
compatible elements in the oceanic crust and mantle peridotite, and by the partition
coefficients at high pressure. The physicochemical difference between siderophile
and lithophile elements, in general, decreases under ultrahigh pressure conditions,
and partition coefficients of P and Ni between metallic and silicate liquids decrease
to ca. 3.1 and 40 at 27 GPa, 1400◦C, �IW = +2 (Righter et al., 1997). Also, the NiO
content in the oceanic crust is lower by a tenth than in the mantle (e.g., McDonough
and Sun, 1995). Therefore, the segregation of metallic iron plays a significant role
in the abundance of incompatible siderophile elements such as P, but an insignificant
role in the abundance of compatible elements.

Here, we estimate the amount of metallic iron precipitated from subducted oceanic
crust during slab penetration into the lower mantle using the parameters given by
Komiya (2004). The calculation indicates that assuming that the production rate of
metallic iron is half of the production rate of ferric iron, it takes only 3.1 b.y. to reduce
the FeO content in the whole mantle from 10.2 to 8.1 wt% at the production rate of
MORB in theArchean; and the phosphorus content of the whole mantle also falls from
29 to 21 ppm in only 5 b.y. However, no secular change appears in the NiO content
because the NiO content of the whole mantle decreases by only 0.02 wt% in 5 b.y.
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This line of evidence indicates that chemical differentiation occurs at the upper-lower
mantle boundary, and that a model of iron segregation from subducted oceanic crust
during the slab penetration into the lower mantle is plausible to decrease in the FeO
content and incompatible siderophile elements in the mantle. If the produced metallic
iron sinks and is accumulated on the core, the thickness of the layer of metallic iron
would be about 57 km.

Recent ultrahigh-pressure experiments suggested differentiation of subducted
oceanic crust at a subduction zone, at the upper-lower mantle and core-mantle bound-
aries within the mantle as shown in the preceding sections. For example, Hirose and
others (2004) suggested that subducted basaltic crusts are molten into denser FeO-
rich picritic melt and lighter residue that exists on the core-mantle boundary, and that
fractionations of U to Pb and of Lu to Hf occurs because the dense FeO-rich melt
accumulates on the core-mantle boundary, whereas the light residue rises toward the
upper mantle. However, many current models of material circulation within the man-
tle suppose that subducted materials do not change within the mantle, and that the
mode of the material cycling is immutable through time.

Figure 12 shows the view for global material cycling through time, including chem-
ical differentiation of the subducted materials within the mantle. In the Archean,
oceanic lithosphere was thinner, and had a thicker oceanic crust and a shorter life
span because of the higher potential mantle temperature. In addition, there were many
subduction zones, namely plate boundaries, because the size of plates was smaller. A
high geothermal gradient at subduction zones resulted in partial melting of subducted
oceanic crust, and changed the oceanic crust into a denser garnet-bearing residue. As
a result, large amounts of oceanic crust subducted into the deep mantle and accumu-
lated on the upper-lower mantle boundary. The accumulated materials delaminated
at the bottom, and subsided into the lower mantle. Iron grains were segregated from
the slab materials during the slab penetration into the lower mantle, and subsided
onto the core-mantle boundary. On the other hand, some of the residue was mixed
with the surrounding mantle, and other materials sank to the core-mantle boundary.
On the core-mantle boundary, the subducted oceanic crust was partially molten, and
differentiated into a dense FeO-rich picritic melt and light Ca-perovskite-bearing
residue (Hirose et al., 2004). The FeO-rich melt accumulated on the core-mantle
boundary, whereas the light Ca-perovskite-bearing residue rose to the upper mantle.
The upper-lower mantle boundary intermittently opened during subsidence of slab
materials into the lower mantle and enabled injection of superplumes from the lower
to the upper mantle. In the Phanerozoic, oceanic lithospheres have become thick and
wide, whereas the oceanic crusts are thinner. As a result, the subducted oceanic crust
in the Phanerozoic plays a less significant role in the chemical differentiation than in
the Archean. Most oceanic crust undergoes dehydration instead of slab melting at a
subduction zone, except for very young oceanic plates. Subducted materials accumu-
late on the upper-mantle boundary, and produce megaliths, which continually sink
into the lower mantle, whereas superplumes rise up to the upper mantle from the
core-mantle boundary.
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Figure 12. Cartoons of material circulation in the whole mantle in the Archean (a) and in the
Phanerozoic (b). In the Archean, thin oceanic lithosphere with thick oceanic crust subducted beneath
small oceanic island arcs in many places, and slab materials were widely distributed over the upper-lower
mantle boundary. The high production rate of Archean MORB probably resulted in successive subsidence
of slab materials into the lower mantle. The formation of the continental crust at subduction zones by
slab melting and segregation of iron blobs during slab penetration into the lower mantle have changed
the chemical composition of the mantle through geologic time. Partial melting of the subducted oceanic
crust on the core-mantle boundary also possibly plays a significant role in the compositional change of
the mantle (Hirose et al., 2004). In the Phanerozoic the thick oceanic lithosphere with thin oceanic crust
subducts beneath large continental blocks. A huge amount of slab material accumulates beneath a large
continent for a long time, and continually subsides into the lower mantle (Fukao et al., 1992).

3 MAJOR EPISODIC INCREASES OF CONTINENTAL CRUSTAL
GROWTH AND IMPLICATIONS FOR MANTLE OVERTURNS IN THE
EARLY PRECAMBRIAN

The present surface of the Earth is covered with 70% oceanic crust and 30% continen-
tal crust. The oceanic crust is basaltic and 0.8–11 km thick, whereas plume-affected
crust may be up to 38 km thick (Gladczenko et al., 1997). In contrast, continental crust
is about 30–40 km thick, and composed of a felsic to intermediate upper crust and
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a basaltic lower crust. The differences in thickness and density between the oceanic
and continental crusts result in a unique topographic expression. Earth has a bimodal
topographic frequency of elevation, whereas Venus has only one predominant eleva-
tion (Phillips et al., 1981). Also, the moon has a bimodal topographic elevation, and
a very thick, up to 75 km, continental crust, but its continental crust is anorthositic,
dissimilar to the sialic continental crust of the Earth. The moon’s anorthositic crust
was formed by igneous differentiation of a magma ocean at its birth (Warren, 1985).
These relations indicate that the presence of a sialic continental crust is one of the
unique characteristics of the Earth. For these reasons, it is important to study the
origin and growth rate in order to understand the evolution of the solid Earth (Fowler
et al., 2002).

At present, the oldest oceanic crust has an age of about 200 Ma, and is present
in the western Pacific and the Atlantic. However, many fragments of oceanic crust
were emplaced within accretionary complexes during off-scraping and underplating
of oceanic material at the trench (e.g., Isozaki et al., 1990), and fragments of Pre-
cambrian oceanic crust also exist in ancient accretionary complexes (e.g., Komiya
et al., 1999). In contrast, the oldest sialic continental crust of the earth is ∼4.03 Ga
orthogneiss in the Acasta Gneiss Complex in the Northwest Territories of Canada
(Bowring and Williams, 1999). The oldest minerals in the world are ca. 4.4 Ga detri-
tal zircons from conglomerates of Jack Hills in the Yilgarn craton, western Australia
(e.g., Wilde et al., 2001). The rare earth element (REE) patterns and Hf isotopic com-
position of the zircons indicate that they were derived from continental felsic magma
(Kinny et al., 1991; Maas et al., 1992). Recently, oxygen isotope and titanium con-
centration of the zircons indicate that the parental magma was granitoid, formed from
hydrated materials (Cavosie et al., 2005; Watson and Harrison, 2005). This line of
evidence indicates that significant continental granitic crust had already formed in the
Hadean soon after formation of the Earth. Kamber et al. (2003) argued that preser-
vation of >3.8 Ga material is restricted to cratons with a high U/Pb source character
(North Atlantic, Slave, Zimbabwe, Yilgarn and Wyoming), and that the Pb-isotope
systematics of these cratons result from reworking of material that was derived from
ca. 4.3 Ga Hadean, basaltic crust. We reinvestigated the geology, geochronology and
geochemistry of the Acasta Gneiss complex because ancient crustal rocks provide the
only direct evidence for evolution of the surface environment and solid earth in the
Hadean and Early Archean. We recognized six distinct lithofacies, and at least eight
tectonothermal events based on 1/5000 scale geological mapping, detailed study of
many outcrops and petrographic investigation of ca. 1000 samples (Komiya et al.,
2002b; Iizuka et al., 2006). It mainly comprises early Archean Gray (GG), White
(WG) and Layered (LG) Gneisses and middle Archean Foliated Granite (Fig. 13a).
GG originated from quartz-diorite, and occurs as enclaves within the WG and LG,
which were originally pale-gray tonalitic and white granitic rocks. The gneissic struc-
ture of WG is concordant with the shape of the included GG blocks, but completely
discordant to those within the GG. The intersection relationship indicates that the GG
is older than the well-dated WG (4.0 and 3.7 Ga). In addition, we classified sepa-
rated zircons into primary, inherited and recrystallized types most effectively using
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Figure 13. (a) A geological map of the Acasta Gneiss Complex, comprising six distinct lithofacies.
(b) A cathodoluminescence image of a zircon with a 4.2 Ga inherited core containing an apatite inclusion.
(c) An REE pattern of the inherited core, indicating the host magma was quartz-dioritic.

the Cathodoluminescence (CL) images (Iizuka et al., 2006). The REE patterns of
primary zircons within the WG are consistent with those of the host whole rock. The
inherited zircons are much older, up to 4203 ± 58 Ma (Fig. 13b), and have REE pat-
terns equilibrated with quartz-dioritic magma based on the discrimination methods
(Fig. 13c). The result indicates that the oldest rocks are the 4.2 Ga quartz-dioritic
enclaves within the WG, that, when formed, was accompanied by recycling of some
portion of the preceding GG. The discovery of the Hadean zircons and wide distri-
bution of quartz-dioritic enclaves in the Acasta Gneiss Complex, including detrital
(Wilde et al., 2001) and inherited zircons (Nelson et al., 2000) in the Narryer Com-
plex, implies extensive distribution of continental crust even in the Hadean, consistent
with early differentiation of the upper mantle (Bennett et al., 1993).

Many different models of continental growth have been proposed, and can be classi-
fied into three groups, according to their methods of estimate and the feature (Fig. 14).
The first involves rapid continental formation in the Hadean and Early Archean based
on a thermal evolution model and estimate of net growth of continental crust in the
Phanerozoic (Fyfe, 1978; Armstrong, 1981; Reymer and Schubert, 1984). Armstrong
(1981) first emphasized the significance of recycling crustal materials into the mantle.
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Figure 14. Growth rate estimated from the age population of detrital zircons in the river sands along with
crustal growth curves from the literature (Rino et al., 2004); MP, MZ and AMZ represent continental
growth rate in the drainage of the Mississippi, Mackenzie, Amazon Rivers, respectively. Iizuka (Iizuka
et al., 2005), H & R (Hurley and Rand, 1969), C (Condie, 1998), V & J (Veizer and Jansen, 1979), M & T
(McLennan and Taylor, 1982), AL (Allègre, 1982), O’N (O’Nions et al., 1979), M & B (McCulloch and
Bennett, 1994), R & S (Reymer and Schubert, 1984), D & W (Dewey and Windley, 1981), B (Brown,
1979), Am (Armstrong, 1981), F (Fyfe, 1978). The continental growth curves are different between the
continents. The summarized continental growth curve of two continents indicates episodic growth of
continental crust at ca. 2.7 and 2.0 Ga.

According to his model a high proportion of continental crust was produced before
the Archean, so that the proportion remained practically constant in later time due to
recycling. Reymer and Schubert (1984) estimated the amount of subduction erosion
of continental and oceanic materials, and the net amount of continental growth in
Phanerozoic subduction zones. They concluded that the net amount of continental
growth was small in the Phanerozoic, and suggested that the continental crust was
largely produced in the Archean. The second group advocates gradual continental
growth since the Archean, and significant growth in the Phanerozoic. These models
were made on the basis of the present distribution of the continental crust and its ages
(Hurley and Rand, 1969; Condie, 1998). For example, Hurley and Rand (1969) mea-
sured the whole-rock Rb-Sr isotopic compositions of the juvenile continental crust
in North America, and estimated the continental growth rate from their distribution
and their radiometric ages. Condie (1998) compiled the distribution and recent U-Pb
zircon ages of juvenile continental crust, and showed a gradual growth of continental
crust since the Archean with a few periods of rapid growth of continents. The third
group is characterized by the formation of a significant amount of continental crust by
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the Archean, and subsequently a gradual increase (Moorbath, 1977; O’Nions et al.,
1979; Allègre, 1982; McCulloch and Bennett, 1994). These models were based on
the isotopic evolution of the mantle estimated from the geochemistry of greenstones
of different ages.

In order to better understand the continental growth history, we have determined
the U-Pb age of about 1500 detrital zircons from river sands in three major rivers,
the Mississippi, Mackenzie, and Amazon Rivers in the North and South America
continents (Fig. 14; Rino et al., 2004). The method for estimating continental growth
from the age population of a significant number of detrital zircons in river sands
has three advantages (Rino et al., 2004): (1) the almost even collection of zircons
from sedimentary rocks and granitic basements in the hinterlands of the major rivers;
(2) determination of the age of juvenile crust due to the high closure temperature
of the U-Pb systematics of zircons, and the removal of the influence of recycling of
crustal materials; and (3) direct determination of the age of continental formation. The
processes of recycling of continental materials are classified into three types: intra-
crustal recycling, remelting of continental materials and subduction of continental
materials into the mantle. Especially, this method is potentially useful for eliminating
the effect of intra-crustal recycling. Our estimated continental growth curve displays
two clear sudden increases at 2.8–2.5 and 2.3–2.0 Ga (Rino et al., 2004). The dis-
continuous growth of continental crust indicates episodic crustal growth, because this
method minimizes the influence of recycling of crustal materials, and because zircons
are almost evenly gathered from the drainage regions. In addition, the result clearly
shows that timing and scale of continental growth were different among the continents
because age distribution of zircons is different between the North and SouthAmerican
continents. In contrast, extensive continental formations in the LateArchean and early
Proterozoic are common in the North and South American continents, which imply
global events as shown below.

Iizuka et al. (2005) made in-situ analyses of U-Pb ages and 176Hf/177Hf iso-
topic ratios of over 400 grains of detrital zircons in the Mackenzie River by laser
ablation-inductively coupled plasma mass spectrometry (LA-ICPMS). The purpose
of the study was to consider the second type of recycling, remelting of continental
materials. The U-Pb isotopic data for 416 igneous zircons are summarized in a his-
togram (Fig. 15b), that shows three peaks, a low 2.6–2.8 Ga peak, a broad 0.9–1.8 Ga
peak, and the highest sharp <0.2 Ga peak. The initial 176Hf/177Hf isotope ratios for
402 grains of the 416 dated zircons are plotted along with chondritic uniform reservoir
(CHUR) and DM evolution curves (Fig. 15a). The DM evolution curve was defined
by (176Hf/177Hf)i = 0.279724 and 176Lu/177Hf = 0.0395, which is consistent with
the mean value of the MORB field (0.28323; Nowell et al., 1998) and the initial Hf
isotopic composition of the 2.7 Ga juvenile rock (0.28119; Vervoort and Blichert-
Toft, 1999). To evaluate the degree of depletion of its parental magma relative to
DM, the εHf(T)DM was calculated. Moreover, we calculated mantle extraction model
ages (TDM) for all grains, assuming that the parental magmas of the zircons were
produced from crustal materials that were originally extracted from the DM, and that
the Lu/Hf ratio of the crustal reservoir was the ratio of the upper continental crust
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Figure 15. (a) Plot of initial 176Hf/177Hf vs. U-Pb age for 402 analyzed zircon grains. For the calculation
of initial Hf isotope ratio, the decay constant for 176Lu proposed by Scherer et al. (2001) (1.865 × 10−11

yr−1) was used. CHUR evolution curve is based on CHUR parameter proposed by Patchett et al. (2004).
Histograms of U-Pb age of 416 zircon grains (b), and TDM of 402 zircon grains (c). The continental growth
curves based on U-Pb age and TDM are also illustrated in (b).

(Lu/Hf = 0.055; Taylor and McLennan, 1985). The histograms of TDM population
and the continental growth curves estimated from U-Pb age and TDM population are
shown in Figure 15b, c. Figure 15 show that many zircons have negative εHf(T)DM,
and indicate that the source materials underwent remelting of crustal materials. The
highest εHf(T)DM values are scattered along the DM evolution curve, but deviate at
some points. The deviation implies that DM was frequently refertilized through time.
The continental growth rate in the drainage based on the TDM population indicates that
15% and 78% of the present continental crust were formed by 2.5 and 1.3 Ga, respec-
tively (Fig. 15b). In addition, it also demonstrates that crustal recycling became more
significant with time, and εHf(T)DM of all the Phanerozoic zircons have quite a large
negative anomaly. Figure 15a, c show that some zircons have negative εHf(T)DM

even in the Archean. The TDM of >2.5 Ga zircons range between 2.7 and 3.6 Ga.
The Mississippi River drains the Archean Wyoming Craton and western Superior
Provinces. The Wyoming Craton comprises abundant metasedimentary rocks, and
possesses isotopic evidence for the presence of Middle Archean or older continental
crust (Wooden et al., 1988; Frost, 1993). In addition, the granitoids in the craton
were formed at 2.55–2.8 Ga, but their Nd model ages are 2.7–3.4 Ga, indicating both
formation of some juvenile crust and recycling of older crust at the time (Frost et al.,
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1998). On the other hand, continental and oceanic crustal fragments with 2.66–3.2 Ga
ages occur in the western Superior Province, and the Nd isotopic data of the felsic vol-
canic and plutonic rocks also indicates both juvenile crustal formation and recycling
of ∼3.4 Ga crust (Tomlinson et al., 2004). The TDM data support the previous isotopic
studies, which suggest that crustal formation even in the Archean resulted from both
the formation of juvenile continental crust and the recycling of older crustal mate-
rials. The comparison between the U-Pb age and the TDM population shows firstly
that significant Phanerozoic continental growth in the U-Pb age population was not
observed in the TDM (Fig. 15c). This fact indicates that most Mesozoic to Cenozoic
crusts, at least in the drainage of the Mississippi River, originate from old crustal
materials. Secondly, Figure 15c shows that the TDM was predominant between 2.0
and 1.3 Ga, when its proportion reached 53%. This indicates that a huge amount of
juvenile crust was formed between 2.0 and 1.3 Ga, and that a significant amount of
the crust was subsequently recycled into younger crust. Thirdly, there is no evidence
for >3.2 Ga crust in the U-Pb age population, but the TDM histogram shows the exis-
tence of early Archean juvenile crust. This indicates that crustal growth started by
the early Archean in the drainage basin, but was not preserved except for material in
sediments and xenocrysts in younger granitoids. Finally, we emphasize that there is
a significant difference between the U-Pb age and TDM histogram, and that crustal
recycling was very an important process in continental formation.

After the 1990s, episodic growth models of continental crust came into the limelight
(McCulloch and Bennett, 1994; Stein and Hofmann, 1994; Condie, 1995; Davies,
1995; Peltier et al., 1997; Condie, 1998). Condie (2000) suggested that very short-
term crustal formation occurred at 2.7, 1.9, and 1.2 Ga. The episodicity of orogeny was
originally proposed by Gastil (1960) and Runcorn (1965) from their worldwide com-
pilations of Precambrian isotopic mineral ages. Their age-distributions are supported
by recent compilations of mineral ages and the tectonic setting, and explained by
episodic thermal activity of the mantle (Barley and Groves, 1992). In addition, some
peaks of crustal-age distributions were inferred from the distribution of TDM of juve-
nile continental crust in the USA(Nelson and DePaolo, 1985), Australia (McCulloch,
1987) and South America (Cordani et al., 2000), from U-Pb ages of zircons (Condie,
1998; Rino et al., 2004), and from Rb-Sr isotope systematics (Hurley and Rand,
1969), and they were interpreted in terms of episodic crustal growth as well as the
discontinuous occurrence of the mineral ages (e.g., Moorbath, 1977; McCulloch and
Wasserburg, 1979; Nelson and DePaolo, 1985; Stein, 1994 # 207; Condie, 1998; Rino
et al., 2004). However, the uneven crustal-age distribution may also be explained by
the selective erosional recycling of elevated crust and by the uneven positioning of
growth and recycling of continental crust (Gurnis and Davies, 1986; Windley, 2003).
We considered the recycling of crustal materials, and quantitatively estimated the
rate of continental growth from the U-Pb ages and Hf isotopic compositions of a
large number of igneous zircons in river sands as shown above (Rino et al., 2004;
Iizuka et al., 2005). The results also indicate significant juvenile continental growth
at 2.5–2.8 and 1.8–2.2 Ga. As a result, we shall discuss a mantle overturn hypothesis
for the episodic growth of the continental crust.
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Several recent geochemical and geological studies have reported anomalous ther-
mal events at 2.7 and 1.9 Ga. Compilation of 304 large igneous provinces (LIPs)
since 3.8 Ga showed that the LIPs record is semi-continuous back to at least 3.0 Ga,
and there was no obvious periodicity, but that there were apparent increases in plume
activity between 0.15 Ga and the present, and between 2.8 and 2.7 Ga (Ernst and
Buchan, 2002a,b). Figure 16 illustrates the distribution of LIPs around 2.7–2.8 Ga
(references in Rino et al., 2004), and shows that plume activity occurred worldwide.
The interpretation of the apparent high distribution of LIPs in the Late Archean is
still controversial as to whether it represents an increase of activity of plume mag-
matism or an exclusive preservation of oceanic LIPs (Ernst and Buchan, 2002b), but
the high proportion and worldwide distribution indicate that more active magmatism
occurred globally in those days. Many LIPs between 1.9 and 2.1 Ga are also scattered
throughout the world. By the way, Maruyama (1994) considered that continental
collisions are the herald of subsequent active superplume magmatism, because suc-
cessive subduction of oceanic materials under a large continent results in the thick
accumulation and the formation of a cold plume underneath. Figure 16 also dis-
plays late Archean metamorphic belts, and includes collision-type metamorphic belts
such as the Limpopo Belt between the Zimbabwe and Kaapvaal Cratons, collisions
between the Akulleq, Akia and Tasiusarsuaq terranes in southern West Greenland,
and amalgamation of the East and West Pilbara terranes in Australia (references in
Rino et al., 2004). In the early Proterozoic, many collisional orogenic belts were also
formed. Reconstruction of ancestral supercratons from present cratons based on their
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Figure 16. Distribution of large igneous provinces, including continental flood basalts, rift magmatism,
komatiitic magmatism, and regional metamorphism between ca. 2.8 and 2.7 Ga (references in Hayashi
et al., 2000; Rino et al., 2004). They are scattered in many Archean continents.
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geological and geochronological similarities indicates that the cratons can be clas-
sified into only a few supercratons in the late Archean and early Proterozoic, when
they became relatively large cratons through collision and amalgamation (Bleeker,
2003). This line of evidence suggests that some large continents were formed by
collision/amalgamation of cratons and terranes after successive subduction, similar
to formation of the modern Eurasian continent, and this implies formation of thick
megaliths underneath. The formation of large megaliths in the mantle transition zone
and their subsequent collapse causes exchange between upper and lower mantle mate-
rials, and influx of fertile and hotter lower mantle materials into the upper mantle. In
the Archean, a ca. 150◦C hotter mantle resulted in a higher Rayleigh number and an
increase of difference of depth of the phase changes between subducted basalt and
ambient mantle. In this case, the upper mantle would have behaved as a stagnant lid,
and its breakage would have led to a catastrophic mantle overturn because quite large
amounts of subducted materials had accumulated before the collapse to the lower man-
tle. As a consequence, descending slabs would have sunk into the lower mantle (the
catastrophic mantle avalanche events of Condie, 1998) and superplumes and plumes
would have ascended from the core-mantle boundary to give rise to LIPs (Fig. 17).
From our results combined with published data, we suggest that such overturns took
place at 2.8–2.6 Ga and at 1.9–1.7 Ga.

The mantle overturn model, which explains the punctuated tectonic evolution of
the earth, is based on the thermal evolution of the mantle according to parameterized
convection theory. The general model, applied to evolution of the earth, was pro-
posed by McCulloch (1993), developed by Breuer and Spohn (1995) with respect to
the Archaean-Proterozoic transition, and constrained by Davies (1995) with numeri-
cal calculations. Breuer and Spohn (1995) and Stein and Hofmann (1994) proposed
models in which layered mantle convection changes catastrophically to whole-mantle
convection during short-lived episodes. The driving forces for such catastrophic
movement of mantle materials (mantle overturn) are: thermal instability of the 660 km
boundary between cooling upper mantle and lower mantle heated up by radioactive
decay (Breuer and Spohn, 1995), and upwelling of a superplume induced by episodic
sinking of the accumulated slab materials at the transition zone into the lower mantle
(Maruyama, 1994; Stein and Hofmann, 1994; Davies, 1995; Larson and Kincaid,
1996). McCulloch and Bennett (1994) proposed phased growth of a depleted mantle
reservoir at the cost of a primitive lower mantle. Compilation of collisional orogenic
belts and geological evidence of the presence of large-scale continents at about 2.7
and 1.9 Ga suggests that the mantle overturns were caused by periodic subsidence of
subducted oceanic materials under the large continents into the lower mantle.

Mantle overturn was expressed by catastrophic downwelling of cold subducted
slabs through the 660-km boundary and by a corresponding upwelling in the form
of superplumes from the lower mantle. Where some arose under oceanic plates,
they gave rise to oceanic plateaus. The worldwide occurrence of active komatiite
magmatism in the late Archean and of OIB-type magmatism in the early Proterozoic
(e.g., Stern et al., 1995) supports more active plume-related volcanism at these times
(Fig. 16). Where the small plumes arose under a continent, they gave rise to continental
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Figure 17. Schematic diagrams of mantle convection systems before and after an overturn (a) In the
Archean double-layered convection was dominant because a higher potential mantle temperature of ca.
150◦C made the Rayleigh number of the mantle ca. 30 times higher than that of the modern upper
mantle. The high potential mantle temperature also resulted in a high productivity of MORB, and accumu-
lated significant amounts of subducted oceanic crust beneath continents. Many island arcs were formed
at subduction zones through accretion of oceanic materials and by slab-melting of subducted oceanic
basalt to produce TTG magmas. They collided to make continents just before the mantle overturn event.
(b) The catastrophic downwelling of the accumulated oceanic crust on the boundary between the upper and
lower mantle induced influxes of hotter and more fertile material from the lower mantle. The exchange
of materials and the heat transfer between the upper and lower mantle caused active plume-magmatism,
and produced large amounts of basalt and komatiite. In addition, continental flood basalts formed on
large continents from induced plumes accompanied by entrapment of subducted oceanic crust. After the
mantle overturn, the upper mantle became hot and fertile to produce more oceanic crust at mid-oceanic
ridges, and consequently more sialic continental crust was formed by partial melting of hydrated basalt at
subduction zones.
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flood basalts, and cognate mafic dyke swarms (Fig. 16). A recent thermal model of
the mantle implies that just before the mantle overturn, the upper mantle was already
cooled and depleted so that it could not produce much oceanic crust (Komiya, 2004).
Consequently, the productivity of continental crust also decreased at subduction zones
at that time. Episodic mantle upwelling gave rise to higher rates of oceanic plate
accretion because the influx of hotter and more fertile materials from the lower to
the upper mantle produced more basaltic magma at mid-ocean ridges. In this regard,
subduction of younger and more oceanic crust led to increased accretion of oceanic
materials and/or the slab-melting of them to produce moreTTG magmas at subduction
zones. This chain of events resulted in formation of more island arcs and episodic
continental growth in the Archean.

4 PERSPECTIVE: EVOLUTION OF THE SOLID EARTH AND THE
INFLUENCE ON SURFACE ENVIRONMENT

Some elements such as V, Cr, Fe, Ce and Eu have multivalence, and are dependent
on their redox state under melting and crystallization conditions. Fe3+/

∑
Fe ratio of

magma is dependent on the redox state, the temperature, pressure, and composition,
and the redox state is the most important among them (e.g., Carmichael, 1991). The
oxygen fugacity of the modern upper mantle, especially the MORB-source mantle,
ranges around the FMQ buffer, and is estimated from Fe3+/

∑
Fe ratios of 0.07±0.03

and 0.023 ± 0.05 for MORB glass and spinel peridotite, respectively (Christie et al.,
1986; O’Neill et al., 1993). On the other hand, the Fe3+/

∑
Fe ratio of whole rock

depends on not only the redox state but also the mineral assemblage (O’Neill et al.,
1993; Ballhaus, 1995). For example, peridotite contains little ferric iron because
olivine of the major minerals contains no ferric iron, whereas materials in the mantle
transition zone have higher Fe3+/

∑
Fe ratios because wadsleyite, ringwoodite and

majorite contain more ferric iron (O’Neill et al., 1993). Mg-perovskite also contains
much ferric iron, simultaneously substituted with aluminum for Mg and Si. As a
result, the Fe3+/Fe ratio increases in the deep mantle even at a constant redox state.
If lower mantle materials with high Fe3+/

∑
Fe ratios ascend to the upper mantle,

the upwelling materials have higher ferric iron relative to ambient mantle peridotite,
depending on the diffusivity of oxygen or the exchange rate between ferric and ferrous
within the mantle. It is widely known that H2O and CO2 are easily mobile, but
mobility of O2 or the exchange between Fe2+ and Fe3+ are restricted (e.g., Chinner,
1960; Mueller, 1960). In addition, there are some mantle materials with the inherited
signature of lower mantle materials. For example, clinopyroxenes in xenoliths from
Savai’i Western Samoa and Tubuai, Austral islands (Hauri et al., 1993) and from Salt
Lake Crater, Hawaii (Salters and Zindler, 1995) inherit trace element patterns from
their precursors (Hirose et al., 2004), and some mineral inclusions in lower mantle
diamonds have original trace element composition even after phase change from Ca-
perovskite to wollastonite (Stachel et al., 2000; Kaminsky et al., 2001). In addition, the
lower mantle is inferred to contain 10–20% higher FeO from seismic tomography and
mineral physics constraints (e.g., Kellogg et al., 1999), and the fingerprints are still
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preserved even after upwelling to the upper mantle and subsequent partial melting
(Humayun et al., 2004). These observations imply preserved inheritance of lower
mantle conditions even after phase change of minerals because elemental diffusivity
is small at the hand-specimen scale. In the case of low diffusivity of oxygen, the
materials from the lower mantle would have high oxygen fugacity compared with
normal upper mantle because of their high Fe3+/

∑
Fe. At present, two superplumes

arise from the core-mantle boundary in Polynesia and the southern Africa areas. At
2.7 Ga, a mantle overturn event caused upwelling of large amounts of lower mantle
materials to the upper mantle. These events possibly oxygenized the upper mantle,
and then the surface environment.

Another relevant mechanism is: the mantle was externally oxidized through time.
Two different ideas were proposed for the secular change of mantle oxygen fugacity;
gradual increase (e.g., Kasting et al., 1993; Eggler and Lorand, 1994; Lécuyer and
Ricard, 1999; Kump et al., 2001) and constancy through geological time (Arculus,
1985; Canil, 1997; Delano, 2001). The former estimated the redox state of the mantle
from sulfide barometry within peridotitic diamonds from the tectosphere (Kasting
et al., 1993; Eggler and Lorand, 1994) and from a box model of the Fe3+ cycle
between the mantle, subduction zone, continental crust and sediments (Lécuyer and
Ricard, 1999). In addition, it is well known that it took half a billion years after
emergence of photosynthetic bacteria before a significant amount of O2 first appeared
in the atmosphere. As a hypothesis to account for the delay, oxidation of upper mantle
through time is favored, and several models were proposed such as: the upper mantle
was oxidized by subduction of hydrated oceanic crust and/or oxidized sediments and
the release of reduced volcanic gases (Arculus and Delano, 1987; Kasting et al.,
1993). The influx of reduced gases from the ancient reduced mantle suppressed the
biological oxygenation of the surface environment that became oxic after the mantle
was oxidized (Kasting et al., 1993; Kump et al., 2001). However, the delay can be
explained by another mechanisms: an increase of burial rate of organic materials
and a decrease of the oxygen consumption in sedimentary rocks caused the oxygen
content in the air to rise (Des Marais et al., 1992; Karhu and Holland, 1996), the
oxidation of Fe2+ to Fe3+ in seawater and the deposition of BIF (Cloud, 1972). This
paper presents a new idea of oxidation of the mantle by a phase change of subducted
oceanic crust to Pv-bearing materials at slab penetration. The process decreases the
iron content in the upper mantle by the reaction of ferrous to ferric and metallic iron,
as shown above. As a result, the reaction increases the Fe3+/

∑
Fe ratio of the silicate

mantle, concomitant with the growth of a metallic core, and implies an increase of
the oxygen fugacity of the mantle through geological time. However, verification is
required to analyze the primary Fe3+/

∑
Fe ratio of ancient MORB.

The influence of oxidation of the mantle on the surface environment is still
poorly understood. Although still controversial (Ohmoto, 1997; Holland, 1999),
it is commonly considered that seawater and the atmosphere were reduced before
the late Archean, and were suddenly oxidized in the early Proterozoic (e.g., Cloud,
1972; Kasting, 1993; Holland, 1994; Farquhar et al., 2000). Holland (1994) com-
piled geological evidence for a sudden increase of atmospheric oxygen in the early



Material circulation through time 221

Proterozoic: composition of paleosols, initiation of deposition of red shales, exis-
tence of manganese deposits, and termination of deposition of BIF and pyrite- and
uraninite-rich sedimentary rocks. Kasting (1993) also collected evidence to constrain
the upper and lower bounds of the atmospheric oxygen content, and showed its sec-
ular change through time. It is also commonly considered that the redox condition of
seawater changed from anoxic in the Archean through euxinic in the early to middle
Proterozoic to oxic since the Neoproterozoic due to oxidation by the atmosphere,
based on geochemical evidence (Arnold et al., 2004; Kah et al., 2004; Poulton et al.,
2004; Rouxel et al., 2005) and schematic views (Kasting, 1993; Anbar and Knoll,
2002). Recently, we made in-situ analyses of major, trace and REE of carbonate
minerals with primary sedimentary and precipitation structures in sedimentary car-
bonate rocks and filled-in amygdules and matrices of pillow lavas to estimate the
secular change of the redox condition of seawater (Komiya, 2005). The in-situ anal-
yses eliminate secondary carbonate, contamination of detrital materials, diagenesis
and alteration. We estimated the depositional environments from the field occurrence
of coexisting basaltic lavas and sedimentary rocks and the fabric of the carbonate
themselves, and classified them into shallow and deep (>ca. 1000 m) environmental
carbonates. The shallow marine deposits include sedimentary carbonates with stro-
matolite structure and intercalation with clastic beds, and amygdaloidal carbonates of
hot-spot basaltic lava since 3.5 Ga. The deep-sea carbonates comprise those in amyg-
dules and matrices of pillow lavas of MORB-type basalts. Deep-sea carbonates have
only faint Ce and Eu anomalies between 3.5 and 1.9 Ga. A negative Ce anomaly of
shallow carbonates frequently deviated from that of deep-sea carbonate after 2.78 Ga.
The anomaly fluctuated considerably, and was very large at 2.5 and 2.3 Ga. But, the
anomaly decreased during/after the Huronian and Marinoan, and probably Sturtian
glaciations. This implies a complicated secular change of the redox state in shallow
water, whereas the deep-sea environment was anoxic until the Proterozoic. We calcu-
lated the oxygen content of shallow and deep seawater based on the Ce concentration
and anomaly of carbonate minerals at given parameters of atmospheric pCO2, and
Ca2+ of seawater. The Ce concentration of seawater was calculated based on a solid
solution model of REE in carbonate and the partition coefficient between carbon-
ate and seawater (Tanaka et al., 2004). The Ce anomaly is dependent on the redox
potential and pH of seawater as well as the Ce concentration (Akagi and Masuda,
1998). The variation and distribution of REE complexes in seawater also depends on
the pH. We calculated the pH of seawater assuming the evolution curves of atmo-
spheric pCO2 in the Precambrian (Sleep and Zahnle, 2001) and the Phanerozoic
(Royer et al., 2004), and assuming [Ca2+]SW at 3.5 Ga (Foriel et al., 2004) and since
the Mesozoic (Demicco et al., 2003), and we estimated a pH of 6.39 at 3.5 Ga to 8.3
at present. We calculated redox potentials from the Ce anomaly and concentration,
pCO2 and pH (Akagi and Masuda, 1998). Assuming that the standard potential is
0.84 (Liu et al., 1988), we estimated the dissolved oxygen content of seawater from
the reaction of 2H2O = O2 + 4H+ + 4e−. The results are shown in Figure 18, and
indicate that oxygen activity of deep-sea water was low and constant until at least
1.9 Ga, probably the Mesozoic, whereas that of shallow seawater increased since
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Figure 18. Secular variation of the oxygen contents of shallow marine and deep seawater, respectively.
Open circles: carbonate minerals in shallow environment; solid gray circles: deep environment; open
diamonds: estimate from composition of Mesozoic carbonate rocks (Tanaka et al., 2003); and open squares:
calculated values from modern seawater. Calculations are from Ce anomaly of carbonate minerals through
time, secular change of atmospheric CO2 content (Sleep and Zahnle, 2001 for Precambrian ages; Royer
et al., 2004 for Phanerozoic ages), and [Ca2+]SW (Foriel et al., 2004 for 3.5 Ga seawater; Demicco et al.,
2003 for the Phanerozoic). Solid solution model of REE in carbonate, and partition coefficient of REE
between carbonate and seawater are referred to Tanaka et al. (2004). Standard potential of decomposition
of water is 0.84 V (Liu et al., 1988). Temperatures of shallow and deep seawater are assumed to be 15◦ and
0◦C, respectively. Athin dotted line is the oxygen concentration of seawater calculated using a parameter of
high atmospheric CO2, namely average value of a range of atmospheric CO2 proposed by Kasting (1993).
The results show that the oxygen content of deep-sea water was low and constant until at least 1.9 Ga,
probably the Mesozoic, whereas that of shallow seawater increased after 2.7 Ga but fluctuated highly. In
particular, it reached minima during/after the Snowball Earth events. The oxygen activity became quite
high at 2.5 and 2.3 Ga, but it gradually increased in the Phanerozoic.

2.7 Ga but was fluctuated highly. The oxygen activity became quite high at 2.5 and
2.3 Ga, but it eventually increased in the Phanerozoic. Especially, it reached minima
during/after Snowball Earth events. However, there are some periods of minima of
oxygen content of seawaters, unrelated to Snowball Earth events. Although the causes
of them are still unknown, the low oxygen content of seawater around 1.0 Ga prob-
ably corresponds to a hiatus in the presence of macrofossils (Hofmann and Chen,
1981; Hofmann and Bengtson, 1992; Hofmann, 1994; Walter et al., 1990; Han
and Runnegar, 1992; Kumar, 1995; Zhu and Chen, 1995). High atmospheric CO2

concentration also explains the small negative Ce anomaly around 1.0 Ga (Fig. 18).
Assuming high atmospheric CO2 concentration through time, namely average value
of the estimate by Kasting (1993), we also calculated the dissolved oxygen content of
seawater (Fig. 18). The estimate shows the calculated oxygen content of seawater in
theArchean was higher than at present, and contradicts many geological observations
(Holland, 1994). Therefore, our calculation of dissolved oxygen content of seawater
through time favors a low atmospheric CO2 content through time (e.g., Rye et al.,
1995, Sleep and Zahnle, 2001).

BIFs were prominent from 3.8 to 1.8 Ga (Klein et al., 1992). Although there is
evidence of oxygenic photosynthetic bacteria, microfossils (e.g., Schopf, 1993) and
stromatolites (e.g., Hofmann et al., 1999; Lindsay et al., 2005) only since 3.5 Ga,
BIF having been deposited at least since 3.8 Ga. This geological observation is



Material circulation through time 223

inconsistent with anoxic seawater in the early Archean. Their formation in an anoxic
environment was variably explained by: photochemical reaction (Cairns-Smith, 1978;
Braterman et al., 1983; François, 1986; Canuto, 1994), abiotic oxygenic photodis-
solution (Towe, 1978; Canuto et al., 1982), anaerobic biooxidation of Fe2+ (Widdel
et al., 1993; Ehrenreich and Widdel, 1994; Hafenbradl et al., 1996; Chaudhuri et al.,
2001) and reduction by Fe2+ of nitrites and nitrates to prebiotic ammonia (Summers
and Chang, 1993; Summers and Lerner, 1998). However, these models are not nec-
essarily consistent with the geological and biological evidence. For example, there
is no evidence for such life in the Isua supracrustal belt. High atmospheric pCO2

resulted in a low pH of the whole seawater, unsuitable for formation of Fe3+ as a bi-
product of ammonia, whereas the photochemical reaction for Fe3+ formation requires
quite low pH. BIFs were mostly composed of hematite and iron hydroxide after the
middle Archean, whereas BIF in the Isua supracrustal belt mainly contain magnetite.
The difference of mineral assemblage is explained by later metamorphism, because
hematite is transformed into magnetite at medium-grade metamorphism (Klein, 1983;
Dymek and Klein, 1988). However, the mineralogical difference implies a difference
of origin. Although generally speaking, hydrothermal fluids have a low pH of 2–6
(Von Damm, 1995), a hydrothermal fluid with a high pH of up to 12 is formed by
serpentinization of ultramafic rocks (e.g., Kelley et al., 2005).

Mixing a high pH siliceous hydrothermal fluid and a low pH seawater with a high
ferrous content possibly led to precipitation of magnetite and chert under an anoxic
environment around a mid-ocean ridge. This hypothesis is consistent with the idea
that some BIFs have both negative Ce and positive Eu anomalies. The positive Eu
anomaly is caused by precipitation from a hydrothermal fluid (Klinkhammer et al.,
1994). Although Dymek and Klein (1988) suggested that a negative Ce anomaly was
due to oxic seawater even in the earlyArchean, the origin of a negative anomaly is still
ambiguous. Both anomalies favor the involvement of a hydrothermal fluid with a high
pH. If magnetite-type BIF were deposited under an anoxic environment, the BIF in the
3.4 Ga Imataca Complex, Venezuela, is the oldest BIF deposited at least locally in an
oxic environment, consistent with the emergence of photosynthetic organisms (James,
1983). However, the photosynthetic organisms did not flourish until the late Archean,
because stromatolites became ubiquitous after the late Archean. The prosperity of
photosynthetic organisms was also probably due to mantle overturn. The formation
of large continents through collision or amalgamation of small continents and island
arcs in the late Archean influenced the diversity of life.

Paleomagnetic data show that the intensity of geomagnetism increased in the late
Archean (Hale, 1987; Yoshihara and Hamano, 2000) and the increase was caused
by formation of the inner core (Stevenson et al., 1983). The geomagnetism was
possibly activated by a mantle overturn, because the extensive exchange between
the upper and lower mantle materials effectively cooled the core. The intense geo-
magnetism formed the Van Allen belt, and consequently protected primitive life in
the surface environment. However, the ozone layer was still immature, because of
low oxygen content in the atmosphere (Kasting, 1993). Therefore, photosynthetic
life inhabited tens of meters below the surface of the sea (Berkner and Marshall,
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1965). The formation of large continents and their subsequent break-up provided a
wide shallow water environment in continental shelves, continental rifts, and intra-
continental basins. Especially, the formation of continental rifts and intra-continental
basins was indebted to superplume activities; upwelling and downwelling of a super-
plume, respectively. Combination of the influence by evolution of a solid earth, which
includes oxidation of the mantle through time because of the sink of basaltic materi-
als into the lower mantle and catastrophic upwelling of the lower mantle materials,
with the evolution and prosperity of life in plume-related shallow water environments
resulted in a sudden increase of atmospheric O2 in the late Archean to early Protero-
zoic. The catastrophic evolution of the solid earth was probably induced by mantle
overturn.
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